Seismic full waveform is an emerging technique for determining the fine-scale velocity structure of the subsurface. Here, we present results of elastic full waveform inversion (FWI) along three multichannel seismic lines at the Lucky Strike volcano on the Mid-Atlantic ridge that provides a velocity image of the upper oceanic crust with unprecedented resolution (50-100 m). We have used a two-step process combining downward continuation with a time-domain, elastic FWI. The downward continuation procedure enhances the refracted arrivals and wideangle reflections, and reduces the scattering noise due to rough seafloor. Since both sources and receivers are downward continued to the seafloor, the computational cost of FWI is reduced, as one does not need to model the thick water layer. Our results clearly demarcate two layers within seismic Layer 2A; a low-velocity, highly heterogeneous layer likely reflecting the complexity of accretion that is underlain by a more homogeneous high-velocity gradient layer. The base of Layer 2A is defined as a lithological boundary that can be offset by faulting. Thick (>400 m) units of anomalously low-velocity material (<2.5 km s −1 ) beneath different summital edifices on the central volcano indicate that a thick pile of high-porosity extrusive rocks can be supported without collapsing, suggesting that while in general there is pore closure with depth this is not the cause of high velocities we observe. Hydrothermal deposition sealing of small-scale porosity is shown to be a secondary process, which likely explains the upper crustal velocity increase with age, but is not responsible for the high-velocity gradient Layer 2A. Finally, the rapid thinning of the entire Layer 2A in the vicinity of the main normal faults suggests the tectonic thinning of a geologically defined layer, further confirming the lithological origin of the high-velocity gradient zone at the base of seismic Layer 2A.
I N T RO D U C T I O N
Oceanic crust is formed by a combination of magmatic and tectonic processes. Based on early seismic studies (Spudich & Orcutt 1980; Lewis & Garmany 1982; White & Purdy 1983) and observations from ophiolites (Nicolas et al. 1988) , the igneous oceanic crust was divided into three layers: Layer 2A, Layer 2B and Layer 3. The uppermost (150-1000 m) Layer 2A has a low-velocity (∼2.5 km s −1 ) and high-velocity gradient at its base that separates it from Layer 2B. Layer 2B has a P-wave velocity of 4.5-6 km s −1 , and roughly encompasses the sheeted dyke complex. The lowest layer, Layer 3, has a small velocity gradient with velocity reaching up to 6.8 km s −1 at its base. Over the last few decades, the origin of the velocity transition at the base of Layer 2A has been interpreted as the lithological boundary between extrusives and sheeted dyke complex (Toomey et al. 1990; Harding et al. 1993) or as a porosity limit within the extrusive section associated with an hydrothermal alteration front or a fracture front (McClain et al. 1985; Burnett et al. 1989; Wilcock et al. 1992; Christeson et al. 2007) .
Layers 2B and 3 are well studied using ocean bottom seismometers (OBS; Cudrak & Clowes 1993; Van Avendonk et al. 1998; Canales et al. 2000; Seher et al. 2010a,b) , but the nature of Layer 2A is poorly constrained by OBS arrays because the spacing of instruments is generally too large for detailed studies. Since there is a strong velocity gradient at the base of Layer 2A, Harding et al. (1993) stacked the turning rays present in seismic reflection data to determine the thickness of Layer 2A. By deploying both the sources and the receivers close to the seafloor during a NOBEL experiment, Christeson et al. (1994) provided the first well-constrained velocity structure of the uppermost several hundred metres of the crust. By using multiple components of the seismic wavefield Christeson et al. (1997) modelled the shear and compressional-wave structure of Layer 2A at the East Pacific Rise, but resolution remained a major issue. Collier & Singh (1998) and Hussenoeder et al. (2002a,b) performed 1-D waveform inversion of surface multichannel streamer data, obtaining better resolution but analysis was restricted to areas of smooth seafloor where the 1-D assumption could be justified.
Lucky Strike volcano lies on the Mid-Atlantic Ridge (MAR) south of the Azores triple junction at 37.3 • N. Lucky Strike has several characteristics typical of a slow spreading ridge segment, including a full spreading rate of ∼2.1 cm yr −1 (Demets et al. 1994) , a 15-to 20-km-wide central valley, an axial high at the centre and nodal basins near the segment ends (Fig. 1a) . The Lucky Strike volcano, located at the centre of the segment, is ∼7 km in diameter, hosts an active hydrothermal field (Langmuir et al. 1997) and presents a wide variety of recent volcanic deposits that we will present in the geological setting section. From a geochemical standpoint, basalts from the volcano suggest an enhanced melt supply from the Azores hotspot (Moreira & Allegre 2002 ) and a well-homogenized and long-lived magma chamber system (Moreira et al. 2011) .
The multichannel seismic (MCS) data were collected in 2005 onboard the R/V l'Atalante as part of the SISMOMAR experiment (Singh et al. 2006) . The data set consists of 39 lines perpendicular to the spreading axis and spaced 100 m apart (Fig. 1b) . The data were acquired using a 4.5-km-long hydrophone digital streamer towed at a nominal depth of ∼14 m. The streamer was composed of 360 channels with 12.5 m receiver intervals. The source was fired each 37.5 m and consisted of a 42.5 L (2594 cubic inch) 18-airgun array towed at a depth of ∼14 m and tuned to provide a broad-band (5-50 Hz) energy with a strong first arrival (Fig.  S1 ). A total of 19 942 shots were fired during the experiment and data were recorded in 11-s-long records sampled every 2 ms. Initial investigations of the reflection data concentrated on the imaging of a ∼7-km-long, ∼3-km-wide axial magma chamber (AMC) reflector at a depth of 3.4 km below the seafloor (bsf; Singh et al. 2006; Combier 2007) , and on the imaging of the Layer 2A reflection using conventional methods (Combier 2007; Seher et al. 2010c) . OBS-based tomographic studies have revealed two low-velocity zones (LVZs) within the axial valley: an upper crustal LVZ that has been linked to a recent high-porosity formation (Seher et al. 2010b ) and a lower crustal zone beneath the AMC reflector that has been identified as a zone of partial melt (Seher et al. 2010a) .
To determine the fine-scale structure of the upper crust, Arnulf et al. (2011 Arnulf et al. ( , 2012 Arnulf et al. ( , 2013 subsequently reprocessed the MCS data using a combination of downward continuation and 3-D traveltime tomography (Arnulf et al. 2011 (Arnulf et al. , 2013 and using full waveform inversion (FWI) of one selected seismic line (Arnulf et al. 2012) . The combination of downward continuation with traveltime tomography and ultimately FWI provides a high-resolution velocity image of the upper ∼1 km of crust beneath the volcano, with each different method providing a different insight into the data through its different resolution/accuracy. Based on the 3-D traveltime tomography results, Arnulf et al. (2011) proposed that the porosity boundary between the relatively low-porosity lava lake (LL) and the surrounding high-porosity volcanic cones could act as a preferential pathway for the upgoing hydrothermal flow. Based on full wave inversion of a single line north of the volcano summit, Arnulf et al. (2012) suggested that the young shallow crust beneath the Lucky Strike volcano is formed from a stack of volcanic sequences emplaced within the axial valley. At last, from an extensive study of the 3-D traveltime tomography model, Arnulf et al. (2013) inferred that the entire upper part of the central volcano is young relative to the underlying median valley floor and suggested that hydrothermal sealing of small-scale porosity is progressing at normal to enhanced rates.
Here we extend the work of Arnulf et al. (2012) to a broader region of the Lucky Strike volcano and explore the fundamental links between magmatic, tectonic and hydrothermal processes. We invert three seismic profiles (Fig. 1b) that span the 3-D seismic reflection data box (Singh et al. 2006 ) using a FWI procedure. These profiles were chosen to explore the upper oceanic crust beneath several important features of the central volcano. Seismic line 14 spans the southern part of the central volcano, which appears to be slightly less tectonized (Fig. 1b) and crosses the southern sumittal volcanic edifice (S, Fig. 1 ). Seismic line 24 crosses the northern part of the LL, the hydrothermal field and the southern flanks of the two northern sumittal volcanic highs (NW and NE, Fig. 1 ). Seismic line 39, was already presented by Arnulf et al. (2012) and crosses the nascent central graben (CG) deforming the northern part of the volcano (CG, Fig. 1 ). At all these locations, the streamer recorded not only significant refraction energy from Layer 2A at far-offsets, but also strongly scattered energy from the rough igneous seafloor (Fig. S1b) .
Waveform inversion consists of minimizing a misfit function between observed and synthetically calculated seismograms, sample by sample (Shipp & Singh 2002) . A serious disadvantage of this technique is that it attempts to fit all parts of the waveform equally whether it is signal, noise or artefact. So, in areas of rough igneous seafloor, scattering noise can easily dominate the misfit and thus the inversion results. A common way to tackle this problem is to invert only energy that arrives ahead of the seafloor reflection on the MCS data (Canales 2010 ) but in deep-sea environments this part of the data does not contain information on shallowest part of the crust. Arnulf et al. (2011) proposed extrapolating the surface wavefield to the seafloor, mimicking a pure sea-bottom experiment (Christeson et al. 1994) and thus bringing the crustal refraction energy out ahead of the seafloor reflection energy. The details of this method are discussed in Arnulf et al. (2011 Arnulf et al. ( , 2013 , and will not be presented here.
In the following sections, we first present a description of the geological setting that is specific to the Lucky Strike area, then we present a brief outline of the FWI method that is used in this study.
G E O L O G I C A L S E T T I N G
Lucky Strike volcano is a prominent seamount at the centre of the Lucky Strike segment of the MAR (Fig. 1) . Multibeam bathymetry shows the volcano is divided into two parts separated by a NNEtrending, and 50-to 100-m-deep graben (CG, Fig. 1b) . The western part of the volcano features an elongated narrow ridge that Fouquet et al. (1994) have called the western volcanic ridge (WVR, Fig. 1b) , while the eastern part has a semi-circular shape (eastern ridge: ER, Fig. 1b) . The volcano summit rises 0.3-0.4 km above the rift valley floor and features an LL surrounded by three volcanic cones, namely: southern (S), north eastern (NE) and north western (NW) summital volcanic cones (Fig. 1c) .
The LL has a circular shape, is about 300 m in diameter and exhibits very fresh low vesicularity massive lava flows. In contrast, most of the three summital volcanic cones as well as the WVR are composed of older, highly vesicular volcanic breccias and pillows (Fouquet et al. 1994; Ondréas et al. 1997 Ondréas et al. , 2009 Humphris et al. 2002) . Active hydrothermal sites, including high-temperature black smoker chimneys venting fluids up to 333
• C and low temperature diffuse flow (Langmuir et al. 1997) surround the LL (Figs 1b and c) . These hydrothermal sites consist of massive sulphide deposits and standing inactive and active chimneys.
Two major normal faults bound the rift valley, with vertical throws of >500-900 m (e.g. the eastern and western bounding faultsEBFs and WBFs, Fig. 1b) . DSL-120 side scan data indicate that Lucky Strike volcano is highly tectonized and is cut by numerous faults (Humphris et al. 2002; Ondréas et al. 2009 ). Each of the three cones on the summit is cut by prominent faults that clearly post-date construction of the cones. Faults on the summit have predominantly ridge-parallel orientations, vary in length from 200 m to 3 km, and exhibit spacings from tens to hundreds of metres. In the depression between the cones, volcanic flows of the LL truncate faults that are presumed to underlie the most recent volcanism (Humphris et al. 2002; Ondréas et al. 2009) .
Furthermore, from different reflection images of the central volcano, Arnulf et al. (2011) imaged a new shallow reflector lying at 100-250 m below the seafloor, distinct from the usual strong Layer 2A reflector at depth (marking the transition between Layers 2A and B), which they call Layer 2Aa. This reflector was most clearly seen beneath the volcano summital edifices, and Arnulf et al. (2011) suggested that it might correspond to the boundary between lava sequences of different ages. The second deeper reflector was renamed 2Ab and corresponds to conventional Layer 2A.
E L A S T I C F W I O F D O W N WA R D C O N T I N U E D DATA
Elastic FWI is an attractive method that attempts to match the observed seismograms in order to discover the elastic parameters of the Earth. Instead of exhaustively or randomly exploring the whole model space, efficient 2-D waveform inversion methods utilizes an iterative method of local search to solve the non-linear problem. Convergence to the global minimum rather than a local minimum however requires an accurate starting model that contains the long and, possibly, the intermediate wavelengths of the true velocity model (Neves & Singh 1996) . Given a good starting model, the key to waveform inversion is the use of an efficient method to formulate the gradient operator. Different approaches have been formulated either in the frequency domain (Pratt & Worthington 1990; Pratt 1999; Sirgue & Pratt 2004) or in the time domain (Tarantola 1984 (Tarantola , 1986 Shipp & Singh 2002 ), here we use the method developed by Shipp & Singh (2002) .
Theory
The elastic FWI algorithm is based on the iterative minimization of a misfit function between observed and synthetically calculated seismograms, point by point, in a least-squares sense, where the misfit function S is formulated (Shipp & Singh 2002) as
where d syn and d obs are, respectively, the forward-modelled synthetic data and the observed data, with sample differences summed over the total recording time T.
To iteratively solve the inversion problem we have used a traditional approach where the steepest descent gradient is conditioned using conjugate gradients. The conjugate gradient method uses knowledge gained from previous iterations to ensure that search directions are not repeated, resulting in a faster convergence. To ensure an efficient calculation of the steepest descent gradient direction, we used the formulation of Mora (1987) , in which the gradient direction for each Lamé parameter, δL, is derived from the cross-correlation of the forward synthetic wavefield u and the backpropagated data residuals wavefield
The gradient g for the P-and S-wave velocity models is a linear combination of the Lamé parameter gradients. An optimal linearized step length α is computed in the manner of Pica et al. (1990) , requiring an extra modelling step. The updated model m at the iteration n + 1 is then computed as follows:
Our method allows us to compute the gradient of the misfit function using three forward modelling steps (one to create the synthetic seismograms and calculate the data residuals; one to backpropagate the data residuals and compute the gradient direction; and a final one to compute the step length). An efficient forward modelling algorithm is thus required to obtain an accurate solution of the inverse problem.
Our forward modelling algorithm uses the fourth order in space second order in time finite difference solution of the 2-D isotropic elastic wave equation (Levander 1988) . The main advantage of the time-domain approach is that a large frequency band can be modelled and inverted simultaneously, unlike frequency domain implementations that invert for a range of discrete frequencies one at a time (Pratt & Worthington 1990; Pratt 1999; Sirgue & Pratt 2004 ). On the other hand, a drawback of the time-domain implementation is the large computational requirement of the different modelling steps, which can be significantly reduced using a downward continuation technique (shots and receivers closer from the seafloor (Arnulf et al. 2012) or an injection grid method Royle 2010 ).
Practical considerations
The strength of waveform inversion is that it can use the full seismic wavefield to create a single self-consistent, high-resolution velocity image of the crust that can be used for geological interpretation. However, limitations of the method can arise from the data (noise and scattering effects), from the forward-modelling engine and from the local approach by which the gradient is estimated; thus one has to satisfy several conditions to achieve a satisfactory convergence. In this section, we discuss the required inputs for the inversion, including pre-processed downward continued data (Fig. S1 ) and the source wavelet estimation (Fig. 2) . We also present a rigorous convergence analysis of the iterative method. The creation of the long-wavelength background velocity model, used as the starting model for waveform inversion (S1a), was described previously by Arnulf et al. (2011 Arnulf et al. ( , 2013 .
Data processing during the Synthetic Ocean Bottom Experiment (SOBE) method
The main difficulty in applying FWI to mid-ocean ridge data is the ubiquity of high-amplitude seafloor scattering that obscures later arrivals and is hard to predict deterministically. One way to tackle this problem is to carefully window the data and to invert only the energy ahead of the seafloor reflection (Canales 2010; Arnulf et al. 2012) . The advantage of using the downward continued data for waveform inversion is that the wide-angle reflections and refractions are moved in front of the water-wave reflections and scattering and thus can be isolated and inverted, independently of the details of the basement interface (Fig. S1 ). In fact, since the scattering is mainly from the seafloor and is intrinsically 3-D, the downward continuation acts as a 2-D filter to improve the signal-to-noise ratio.
In order to avoid the generation of surface waves at the seafloor during modelling, the surface seismic data were downward continued to a horizon 75 m above the seafloor using a Kirchhoff implementation of the downward continuation operator (Berryhill 1984; Shtivelman & Canning 1988; Larkin & Levander 1996) as surface waves could dominate the misfit calculation and mislead the inversion. Pre-processing of the field data was accomplished during the downward continuation stage. A fourth-order Butterworth bandpass filter with corner frequencies of 3 and 10 Hz was first applied to constrain the frequencies of the downward continued data to ones that satisfy the stability criterion of the 12.5 m finite-difference grid (Fig.  S1 ). Second, the observed signal was convolved by H (t)/ √ t (H being the Heaviside step function and t being the time) to boost low frequencies with respect to high frequencies. Then, the wavefield of each shot gather was spatially resampled on the finite difference grid in such a way that the location of each shot corresponds to the closest grid node, and the location of the attributed 360 receivers extend from 12.5 m to 4.5 km behind the shot location. To avoid numerical dispersion within the 12.5 m finite-difference grid, the downward continued shot gather were also temporally resampled within a 2.5 s time window using a time increment of 1 ms. As a valuable byproduct, the new geometry deployed in an SOBE experiment using the SISMOMAR data improves by a factor of 2 the efficiency of the time-domain FWI by deploying shots and receivers ∼1.5 km deeper within the water column.
The waveform inversion concentrated on the wide-angle between the first refraction arrival and the seafloor reflection/direct water arrival that is present in the modelled output but not in the downward continued data, Fig. 3 . To this end, first arrival and seafloor reflection times generated from the starting model were used to define two surgical mutes, top and bottom, and carefully window the wideangle data, Fig. 3 . The final step in the data pre-processing was the computation of a single data-scaling factor by least-squares minimization of the amplitude difference between a windowed set of observed and synthetically calculated shot gathers. This scaling was adjusted during inversion as part of the source wavelet update (see later).
For the upper oceanic crust, the frequency of the refraction arrivals is notably lower than the seafloor reflection. In 1-D waveform inversions, this results in low estimated attenuation (Q) particularly for Layer 2A (Collier & Singh 1998) , although, in part, the lower frequencies could be attributable to scattering by the heterogeneous crust. With our elastic FWI inversion scheme we deliberately restricted attention to arrivals, refractions and wide-angle reflections, whose spectra exhibit only limited offset dependence (Fig. S2) . As a result, we assumed for our elastic FWI that the principal attenuation effects can be incorporated into an effective source wavelet that is updated as part of the inversion process. Although the initial wavelet was broader band, the final wavelet captures most of the spectral content of the filtered data.
Source estimation
The synthetically calculated wavefield depends on the source wavelet injected into the finite-difference grid. An error in the input source wavelet thus affects the synthetically calculated data and the misfit. Ideally the source signature should be measured during the MCS survey (Ziolkowski 1991) , however if no source wavelet was recorded, a method for estimating an appropriate source is required. In this study, we followed the method presented by Collier & Singh (1997) to recover an appropriate starting source wavelet from stacks of the nearest three traces of several shots over a region of relatively flat seafloor. pulse of the seafloor reflection present between 0.13 and 0.18 s in the stacked trace was selected as the unfiltered source wavelet and then subjected to the same Butterworth bandpass filters used during downward continuation. We thus started the waveform inversion with an approximately minimum phase wavelet with a correct dominant frequency (Fig. 2) . The source wavelet was updated during the inversion by running special iterations of the waveform inversion that used the residual wavefields backpropagated to the source positions to calculate a source gradient (Mora 1987 ) rather than a model gradient (eq. 2; Figs 2c and d). The updated source wavelet reduced the average misfit and better incorporated any attenuation effects. Finally, no correction of the source or receiver ghosts were applied to the source wavelet because in the SOBE geometry the seismic sources are located close to the seafloor, far from the sealevel and the free-surface ghosts are not removed during downward continuation.
Inversion strategy and misfit reduction
Waveform inversion principally targeted the energy related to P-wave refraction events and some wide-angle reflections present in the downward continued MCS data for offsets <3.45 km (Fig. 3) . We followed a multistage FWI strategy alternating between model updates, where we inverted simultaneously for V p and V s , and source updates. We did not invert for density, which was updated using empirical relationships with P-wave velocities (Gardner et al. 1974; Hamilton 1978) . We typically started the inversion with a run of eight model updates where all the frequencies present in the downward continued data were inverted simultaneously (Fig. S1 ). This was followed by a pair of source updates (Fig. 2) following the method of Mora (1987) . The updated source was further adjusted to minimize the amplitude difference between the observed and synthetically calculated shot gathers. A set of eight model updates using the updated source was then run prior to a further source update. The inversions used every second shot from a line, in other words one shot every 75 m and approximately 20 model updates were run for the three different seismic lines. A 150 m (horizontal) by 37.5 m (vertical) Gaussian smoothing was applied to the gradient updates during inversion in order to remove short wavelength artefacts.
We estimated a starting S-wave velocity model using the empirical relationships found in Castagna et al. (1985) for low values and Fliedner et al. (1998) for higher P-wave velocities greater than 3.5 km s −1 . While the V p /V s ratio is reasonable (1.9) for V p greater than 3500 m s −1 , we introduced two optional parameters to restrict the S-wave starting velocity model in the upper crust. The first parameter was used to restrict the maximum V p /V s ratio allowed within the low-velocity basaltic crust and the second to control the minimum S-wave velocity in Layer 2A. After several tests, we observed that inversions with higher S-wave velocities in the shallow crust gave a slightly better misfit (a few per cent) and were better numerically because the dispersion limit, the requirement of a minimum number of grid points per wavelength, meant the maximum frequency could be pushed higher. Therefore, following the tests, we decided to restrict the V p /V s ratio to 3, limit the minimum S-wave velocity to 800 m s −1 and increase the bandwidth for subsequent inversions.
Waveform forward modelling using the first updated source wavelet (Fig. 2 , green line) through the starting tomographic velocity model predicted first arrival traveltimes within ∼10 ms (Fig. 3) , consistent with tomographic inversion estimates (Arnulf et al. 2011 (Arnulf et al. , 2013 . However, some significant phase misalignments, signal amplitude differences and amplitude spectrum inconsistencies were still present between the observed and modelled data (Fig. 3) , which the FWI is expected to reduce. In fact, by definition the goodness of the fit between the observed and modelled data is given by the misfit value, which includes the amplitude and phase data residuals (Shipp & Singh 2002; Brenders & Pratt 2007; Sears et al. 2008 Sears et al. , 2010 Canales 2010) . In this study of three lines, the misfit was reduced, on average, by 75-80 per cent in approximately 20 iterations. The resulting final velocity models and the corresponding updated source wavelets greatly improved the amplitude, phase and frequency content of the final modelled data (Fig. 4) , reducing the size of the data residuals (Fig. 5 ) and thus the average misfit value.
One could use the much smaller misfit to argue that the elastic FWI has achieved a satisfactory convergence to a minimum of the misfit function. However, reliance solely on the misfit reduction may not be sufficient to rigorously assess the convergence of the iterative method. Indeed, it is quite easy for the initial misfit to be 200 per cent of the observed data if the model predictions are the same size as the data and the average correlation between observations and model data is near zero, a not uncommon situation due to phase misalignments between the two data sets. In these circumstances a 50 per cent misfit reduction can be achieved by the FWI by reducing the amplitude of the predicted data to almost zero; the FWI is then doing no harm but is performing no better than predicting nothing at all.
A more rigorous convergence analysis is required to assess the goodness of the fit between the observed and modelled data and validate the inverted model. Apart from assessing the reduction in the misfit value, we also tracked the size of the relative misfit, ratio of misfit to signal size. In this study, the size of the relative misfit was reduced from 130-150 to ∼30 per cent in ∼20 iterations. A successful inversion should have a low relative misfit at the end irrespective of the starting misfit. The other parameter we calculate to estimate the robustness of the inversion is a correlation coefficient value between the observed and modelled data (Minshull & Singh 1993) . The correlation coefficient provides a direct estimation of the phase residuals and is amplitude invariant, and therefore supplies complementary information about the fitness. In this study, the average cross-correlation coefficient was increased from 0.25-0.35 to ∼0.80 in ∼20 iterations, testifying to the good similarity between the observed and modelled data (Fig. 5) . Fig. 6 presents a convergence analysis for seismic line 39. After 20 iterations, the initial absolute misfit value is reduced by ∼76 per cent from 2830 to 667. The total data size is 2105, and thus the relative misfit is reduced from 134 to 31 per cent. Tracking of the misfit reduction shows that after 20 iterations the convergence has plateaued. Moreover, the final residuals are less than the data size for most of the shots, and the correlation coefficient is now positive for all shots and shows a high average value of ∼0.8. For the shots with highest correlation coefficients, some secondary arrivals are correctly reproduced (Figs 4 and 5). In contrast, the shots with the lowest correlation coefficients appear to be located above the bounding walls of a nascent graben and thus correspond to the most complex regions of the velocity structure. A comparison of the elastic and acoustic FWI results will be covered more fully in a dedicated section.
R E S U LT S
Along the three profiles, the region covered by the waveform results includes the Lucky Strike volcano and part of the surrounding median valley from seafloor depths down to ∼1 km bsf (Fig. 1) . In order to highlight different aspects of the inversion results, we show the P-wave velocity structure, the P-wave velocity anomaly and the vertical velocity gradient for each line. We show the inverted S-wave velocity structure along seismic line 39 in Fig. S3 , but we do not discuss extensively the results because we believe there is not enough information in the data to fully constrain S-wave velocity, although S-wave velocity information is necessary for proper convergence; we will discuss this later in the paper. Velocity anomaly sections were computed by subtracting a 1-D crustal velocity profile hung from a smoothed seafloor bathymetry. The 1-D model was the average profile of the 3-D tomographic cube (Arnulf et al. 2013) . The vertical velocity gradient sections bring out the slope in the velocity models. At the base of Layer 2A a 300-to 400-m-thick high-velocity gradient region (>3 s −1 ) marks the transition with Layer 2B. We delimited, respectively, the top and bottom of this transition region by a dashed black line and a plain black line on Figs 7-9. Similarly, we tried to delimit regions of anomalously low Layer 2A velocities (<2.5 km s −1 ) from the more common Layer 2A velocities (>2.5 km s −1 ) by a dotted line. At last, we inferred the extent of the different major faults recognized on the bathymetry using some yellow arrows (Figs 1 and 7-9 ). Fig. 2 for the final synthetic data modelled within the best-fit velocity structure using the last updated source wavelet (black line in Fig. 2c ).
MCS line 14: the southern volcanic edifice
The MCS line 14 is the southernmost of the inverted seismic profiles and crosses the Lucky Strike volcano perpendicularly to the ridge axis, 700 m south of the centre of the LL. This line crosses the less tectonized southern half of the central volcano as well as the southernmost summital volcanic edifice (Fig. 1b) . Overall our FWI model reveals velocities ranging between 1.7 and 5.4 km s −1 with the lowest velocities (<2.5 km s −1 ) mainly observed within the upper 200-450 m beneath the central volcano (Fig. 7a ). The inverted model shows the presence of a persistent 50-to 100-m-thick lowvelocity layer within the median valley. The western side of the central volcano, which also has a more tectonized seafloor (see Fig. 1 ), has a rougher velocity structure with several inclined features that may be related to fault zones (yellow arrows, e.g. −2 km distance range, Fig. 7) . The vertical velocity gradient section (Fig. 7c) brings out the fine scale structure as well as the upper and lower boundary of the velocity gradient zone, that is, base of Layer 2A.
The Layer 2A gradient zone is less heterogeneous than the shallower structure and is about 400-500 m thick. The top of Layer 2B is recognized by the transition to a lower velocity gradient (<1.5 s −1 ). It has a relatively homogeneous structure, and an absence of layered sequences. In addition, the velocity anomaly section highlights several low-velocity regions in the upper crust, including an ∼800-m-thick, 1-km wide vertical region located underneath the southernmost summital volcanic edifice (Fig. 7b) . Fig. 7(d) shows that Layer 2A velocities along seismic line 14 are on average increasing with age but at a rate slower than a reference aging curve (Carlson 2004; Arnulf et al. 2013) . It is also worth noting that across axis, velocity horizons <3.5 km s −1 appear to migrate upwards from the high gradient region but leave a persistent low-velocity surface layer in the first ∼100 m of the median valley. Finally, velocities within the upper Layer 2B range between 4.5 and 5.3 km s −1 with the fastest velocities being found in the axial valley floor in the vicinity of the bounding normal faults at −5 and 4.5 km distance (see Figs 1 and 7d) . The upper part of Layer 2A can be subdivided into a low-velocity anomaly region with velocity <2.5 km s −1 and an underlying region with more common Layer 2A velocities (above and below the dotted black line, Fig. 7 ). Within the axial valley floor, this horizon lifts away from the top of the main gradient zone at the base of Layer 2A, and could mark the upward progression of hydrothermal mineralization processes through the basaltic crust (Peterson et al. 1986) . Within the central volcano, this horizon coincides with the top of the gradient region, suggesting that the entire upper part of the central volcano is young and perhaps the top of the gradient region represents a palaeoseafloor below which hydrothermal alteration has increased velocities above 2.5 km s −1 . This horizon could correspond to the Layer 2Aa reflector described by Arnulf et al. (2011) (discussed further later in relation to line 39).
The main low-velocity anomaly observed beneath the southern submittal volcanic cone appears to be correlated with the most recent constructional activity that significantly disrupts the fabric of the lower, gradient region part of Layer 2A resulting in an ∼1 km s −1
anomaly. The root of this pipe-like feature of strong low-velocity anomaly could be explained by the presence of highly fractured and porous material (Arnulf et al. 2011) .
MCS line 24: the LL and the surrounding hydrothermal vents
Seismic line 24 has a slightly more complex seismic structure. It crosses the central volcano 300 m to the north of the LL centre and includes the southern part of the WVR, the two northern summital volcanic cones (NW and NE), the northern part of the LL and the surrounding hydrothermal field as well as an old rifted cone (RC) that lies on the eastern bounding wall (Figs 1 and 8) .
The P-wave velocities (Fig. 8a ) range between 1.7 and 5.5 km s −1 , with the lowest velocities (<2.5 km s −1 ) observed in the topmost 200-250 m underneath the central volcano and the old RC. Unusually low velocities (<2.5 km s −1 ) are present beneath the two summital volcanic cones, the WVR, the eastern flank of the central volcano between 1.9 and 2.5 km distance and beneath the eastern valley footwall. Interestingly, the velocity structure along line 24 shows a relatively thinner layered formation (200-250 m on average) as compared to line 14 (>300 m), possibly indicating enhanced magmatic eruptions on the southern half of the central volcano. A lack of horizontal continuity is observed in the upper crustal units, which can be explained by a significantly more tectonized upper crust. Indeed, the layered units may be tilted due to normal faulting. The vertical velocity gradient plot (Fig. 8c) reveals the fine-scale structures of the upper crust and highlights the complexity along this seismic section. The Layer 2A high-velocity gradient region is 400-500 m thick but more heterogeneous than that along profile 14 further south. The base of the high-velocity gradient zone appears to be highly tectonized, with both heterogeneity and rapid changes in depth, especially beneath the LL and the surrounding volcanic cones between −2.5 and 1.5 km distance across axis. Interestingly, between −1.5 and 1 km, the base of Layer 2A is offset and slightly pulled down suggesting graben subsidence. Beneath the LL, a narrow, vertical positive velocity anomaly, ∼400 m wide and +0.3 to 0.5 km s −1 , extends from the bottom of the model to the base of the layered section of Layer 2A (Fig. 8b) . This pipe-like feature could correspond to a zone of intense dyke injection that penetrates the base of Layer 2A and feeds the upper crust with fresh magma from the underlying magma chamber. A zone of intense dyke injection could explain the existence of a porosity boundary between the relatively low-porosity LL and the surrounding high-porosity volcanic cones as suggested by Arnulf et al. (2011) . Fig. 8(d) shows that, unlike line 14, upper Layer 2A velocities along seismic line 24 are on average close to the reference aging curve, except beneath the various constructional features and the footwall of the EBF where lower velocities are present. As along line 14, the upper part of Layer 2B is characterized by a smaller velocity gradient (<1.5 s −1 ) and by velocities that vary between 4.5 and 5.5 km s −1 . These velocities for the upper part of Layer 2B are similar to those of Seher et al. (2010b) from an OBS tomography study and are, once again, slowest beneath the central volcano and the fastest in the vicinity of the main normal faults bounding the axial valley (Fig. 8d) . (Arnulf et al. 2013) . Yellow arrows show the extent of some inferred faults observed on the bathymetry (Fig. 1). 
MCS line 39: the nascent graben
Line 39 is the northernmost seismic line of the SISMOMAR MCS experiment. It crosses the ridge axis ∼1.8 km north of the LL centre. This line crosses the shallowest part of the WVR and the nascent graben present in this region (Fig. 1) . As line 39 was previously discussed by Arnulf et al. (2012) , we will only describe it briefly here for comparison purposes.
As with the two previous lines, the entire upper crust beneath the central volcano is relatively low velocity and is separated from the underlying median valley crust by the Layer 2Aa reflector (Fig. 9) , suggesting that it is relatively young (Arnulf et al. 2011 (Arnulf et al. , 2013 . The velocity structure has unusually low velocities (<2.5 km s −1 ) in the upper 300-450 m beneath the WVR and in the upper 200-250 m beneath the rest of the central volcano. The Layer 2Aa reflector (dotted line, Fig. 9 ) has sudden downward shifts of ∼250 m beneath the nascent graben identified from surface faulting. The offsets are larger than those seen in the surface faulting, indicating that an earlier graben has been filled by later volcanic sequences. Similar to line 24, there is no anomalously low-velocity (<2.5 km s −1 ) layer in the upper part of the median valley and upper Layer 2A velocities seem to follow the reference aging curve (Fig. 9d) , which suggests that the northern half of the central volcano is less magmatically active than the southern one. As magmatic activity wanes, tectonic process seems to play an increasingly important role moving northwards. The vertical velocity gradient section shows several 50-to 150-m-thick layered units in upper Layer 2A (Fig. 9c) . The nature of these sequences beneath the WVR is different from those in the rest of the central volcano: conical rather than flat layering. Thus, it can be inferred from the velocity structure that the WVR is young, anomalous and is of constructional origin while the subsiding graben and the ER are older and have been faulted. The ER still has anomalously low velocities (Fig. 9b ), but as with the old RC on line 24, this could persist even after it is rifted away from the axis. The faults mapped on the bathymetry image ( Fig. 1) seem to be imaged at depth on the vertical velocity gradient section, particularly in the vicinity of the nascent graben walls. Finally, the high-velocity gradient zone at the base of Layer 2A is ∼400 m thick and appears more homogeneous than that beneath profile 24.
D I S C U S S I O N

Comparison with other seismic methods
As mentioned, the nature of Layer 2A at Lucky Strike has been studied using three different methods: traveltime tomography of OBS data (Seher et al. 2010a,b) , stacking of turning rays using moveout velocity (Combier 2007; Seher et al. 2010c ) and more recently (Seher et al. 2010b) . (b) SOBE traveltime tomography model (Arnulf et al. 2011 (Arnulf et al. , 2013 . (c) Full waveform inversion model (this study). The corresponding vertical velocity gradient structures are presented in (d), (e) and (f), respectively. WVR, western volcanic ridge; ER, eastern ridge; CG, central graben.
using the SOBE method (Arnulf et al. 2011 (Arnulf et al. , 2013 ). Below we discuss the results obtained using these three methods and compare them with the new FWI inversion results. Seher et al. (2010b) presented an OBS-based traveltime tomography model of Lucky Strike volcano (Figs 10a and d) derived from 3-D MCS shots and 18 OBSs spaced 5 km apart. The model resolved an off-axis velocity increase (∼1 km s −1 ), a low-velocity region within the median valley and a low-velocity anomaly underneath the central volcano (Fig. 10a) . The vertical velocity gradient within Layer 2A was roughly constant at 2-2.5 s −1 (Fig. 10d ) and the lateral resolution of the velocity structure is ∼5 km, the OBS spacing. The OBS tomographic model was shown to be moderately well constrained within the upper central volcano, with likely vertical smearing of structure to greater depths. Arnulf et al. (2011 Arnulf et al. ( , 2013 presented a second tomography model of Lucky Strike volcano using an SOBEbased multichannel streamer tomography technique to obtain higher resolution (Figs 10b and e) . The SOBE results revealed the strong lateral heterogeneity of the upper crust and indicated that the upper low-velocity anomaly is confined in the topmost ∼500 m of the crust (Fig. 10b ). An ∼300-m-thick region of high vertical velocity gradient (>3.5 s −1 ) was observed at the base of Layer 2A, as well as secondary shallower zones of high gradient (Fig. 10e) . The SOBEbased tomography produced velocity models with horizontal and vertical resolutions of hundreds of metres, which are beyond the reach of conventional OBSs experiments with deployments on a 5 km grid. While the SOBE method improves the velocity information on the upper crust, the FWI procedure improves the gradient information (Figs 10c and f) . The high vertical velocity gradient zone that lies at the base of Layer 2A is sharpened and several ∼50-to 150-m-thick layered features that may correspond to piled-up lava sequences are unambiguously resolved in the upper part of Layer 2A (Figs 10c and f) . The FWI inversion of downward continued streamer data thus provides velocity structures with spatial resolutions of 50-100 m.
FWI versus traveltime tomography
The explanation for the different resolutions comes from the intrinsic nature of these techniques and from the acquisition geometry employed in these experiments. The OBS-based traveltime tomography overestimates velocities at shallow depths due to a combination of the lack of turning rays in this region and the smoothness regularization operator used to stabilize traveltime tomography, which minimizes the gradient and the curvature of the velocity model. On the other hand, application of the SOBE method to MCS data takes advantage of the fine spatial sampling of the MCS profiling while at the same time ensuring dense sampling of shallowly turning energy. With this new source receiver geometry, the resolution of the upper crust is greatly improved. Nevertheless, the smoothness constraints included in the regularization operator and the limitations of traveltime picking still limits the resolution of the final tomography model. In contrast, the FWI procedure uses the full seismic wavefield in the generation of a high-resolution velocity model and does not require the application of a regularization operator. To conclude, the FWI provides crustal structure at spatial scales approaching 50-100 m, approximately one order of magnitude higher resolution than the SOBE-based tomography method and roughly two orders of magnitude better resolution than the OBS-based tomography method. The resolution of the waveform inversion could be further improved by inverting near offset data (Shipp & Singh 2002) , which can provide resolution on the scale of the quarter of wavelength and spatial resolution <50-100 m. Therefore the FWI procedure is an attractive method that can image the velocity structure of the oceanic crust with unprecedented resolution.
FWI versus stacking of turnings rays versus reverse-time migration (RTM)
Layer 2A at Lucky Strike volcano has been studied by stacking wideangle reflections/refractions (Singh et al. 2006; Combier 2007; Seher et al. 2010c; Arnulf et al. 2011) . In order to compare the FWI results with the stacked image, we converted the FWI model along seismic line 39 from depth to the time domain (Figs 11a and  b) . The first stacked section was created from a set of synthetically calculated seismograms modelled at a flat datum 1450 m below sea surface using our best-fit FWI velocity model (Fig. 11c) , while the second stack section used the observed seismic data downwards continued to the same datum (Fig. 11d) . We used a constant normal moveout velocity of 1900 m s −1 to stack the Layer 2A event in both sections. The observed data were bandpass filtered during the downward extrapolation stage to match the frequency spectrum of the modelled data, allowing a direct comparison between the two stack sections. The initial impression is that the two sections are very similar (Figs 11c and d) . The bright seismic reflector at the base of Layer 2A in the data stack is accurately reproduced in the synthetic stack along with some of the shallow crustal reflectors observed in the upper Layer 2A. The superimposed top and bottom of the high-velocity gradient zone indicates that the Layer 2A reflection in the stacked seismic image corresponds, in general, to the bottom of the high gradient zone. The excellent correspondence between these two stacks is a demonstration of the quality of the inversion result. However, to appreciate the strength of the FWI procedure, one can note that the FWI velocity model contains more fine-scale structures in the upper crust than are visible in the stacked section (Figs 11b and d) . A closer comparison between the Layer 2A reflector in the stack section with the Layer 2A high gradient region reveals some significant discrepancies, especially in places where the base of Layer 2A has a significant dip. The main cause of these differences is the large lateral velocity gradients, which violate the assumptions underpinning the seismic stacking approach. In order to address these discrepancies, we performed a finitedifference pre-stack RTM (Fig. 12) . RTM is a sophisticated prestack wave-equation migration for accurate imaging in and below areas with great structural and velocity complexity (e.g. Baysal et al. 1983) . RTM discretizes the image volume into a mesh grid and computes full two-way numerical solutions to the wave equation at each mesh point of the finite difference grid. As a valuable by-product, it has no dip limitation and it handles extreme lateral velocity variations using all possible arrivals. However, there is a price for its superior imaging capabilities: RTM can be orders of magnitude more computationally and memory intensive than more routine imaging methods.
Our RTM migration algorithm implements the 2-D isotropic elastic wave equation described by Levander (1988) . To keep the computational requirement to manageable level the maximum migration frequency was set to ∼40 Hz and the velocity model was discretized on a 6.25 m by 6.25 m grid. A total of 356 surface shot gathers, spaced every 12.5 m, were migrated along seismic line 39. For each shot, a virtual source wavefield was propagated forward in time and the recorded receiver wavefield was propagated backwards in time. To produce the migrated section these two wavefields were correlated at each time step then summed over all times and shots (Fig. S4) . We chose to mute the energy associated to the Layer 2A/2B turning rays prior to migration to ensure the best execution of the RTM imaging (Fig. S4b) . Fig. 12(a) , shows the migrated image along seismic line 39 with resolution of ∼50 m. The upper part of Layer 2A appears to be composed of multitude of volcanic sequences that, in places, appear to be truncated and offset by normal faults (black lines, Fig. 12 ). Within the high-velocity gradient region at the base of Layer 2A, these shallow reflectors gradually disappear, suggesting some form of geological transition, perhaps between pillow basalts and the sheeted dyke complex, although the apparent reduction in velocity heterogeneity could also be a consequence of hydrothermal sealing of cracks. The composite migrated/velocity images (Figs 12b and c) show an excellent match between the Layer 2Aa reflector (Arnulf et al. 2011 ) and the base of the anomalously low-velocity region present within the upper section of the central volcano. One interpretation of this horizon is as a palaeoseafloor juxtaposing younger, less altered volcanics above with older, more altered volcanics below (Arnulf et al. 2013) .
Fine-scale imaging of the upper oceanic crust requires imaging techniques that can take into account the great structural and velocity complexity of this region. We have demonstrated that FWI in conjunction with RTM can produce velocity and reflection images superior to more conventional methods. The principal advantage of FWI combined with downward continuation is that it unifies in a single velocity model the information from both refractions and wide-angle reflections. As illustrated for line 39, Fig. 11 , a wideangle stack of the Layer 2A reflection can be displaced relative to the base of Layer 2A defined via velocity gradient, perhaps leading to discrepancies in different interpretations of Layer 2A (Christeson et al. 2007) . Another advantage of FWI is that it yields absolute values of crustal elastic parameters (Tarantola 1984) and, provided that the errors due to the neglect of attenuation and anisotropy are not too severe, these can be used to better quantify and compare geological processes between ridge settings.
Elastic versus acoustic FWI
The first arrivals in the downward continued data are mostly transmitted compressional energy, which are mainly sensitive to P-wave speed. Therefore, one can question the need for fully elastic waveform inversion in preference to an acoustic method (Canales 2010) . To assess the difference, we have carried out FWI assuming that S-wave velocity is zero, that is, the medium is acoustic and compare the results (Fig. 13 ) and misfit functions (Fig. 6) . Although the velocity structures from the elastic and acoustic inversions are similar (Fig. 13) , the difference in the inverted velocities can be significant (±400 m s −1 ), particularly near the seafloor (Fig. 13e) , which would have a significant effect on porosity estimates. The overall misfit function using the elastic inversion is slightly better than that using acoustic inversion, but for certain shot points the improvements can be 10-20 per cent (Fig. 6 ). Even the cross-correlation between synthetic and real data shows improvement using the elastic inversion (0.8 compared to 0.72; Fig. 6c ). The reason for this improvement could be the correct partitioning of seismic energy at the seafloor, a factor even for turning rays, and amplitude versus offset variations in wide-angle reflections, included in the inversion window after the first arrivals. If the velocity contrast on the seafloor were much larger, then the improvement using elastic inversion would be much more drastic (Sears et al. 2008) . Since the velocity increase at the seafloor is low (from 1.5 to 1.7 km s −1 ), the effect of elasticity is rather moderate here.
Crustal aging and origin of Layer 2A
Implications of the velocity distribution along seismic line 39
In Fig. 14 , we present the 1-D profiles of the waveform inversion results for five specific regions along line 39. The 1-D velocity models were created by picking the most common velocity from velocity histograms computed at each depth within the bounded areas (Fig. 14a) . While three of these 1-D velocity profiles were extracted from regions of moderate faulting (regions bracketed by black lines, Fig. 14) , two 1-D velocity profiles were computed in regions of extensive faulting (regions bracketed by pink lines, Fig. 14) . The 1-D velocity profiles from regions of moderate faulting as well as the overall probability density function, exhibit a fair degree of heterogeneity in the upper part of Layer 2A but velocities at the base of Layer 2A are more homogeneous and the velocity at the top of Layer 2B is tightly clustered around 4.8 ± 0.15 km s −1 . Nevertheless, the distribution of Layer 2A velocities is not randomly distributed within the upper crust. Indeed, the lowest P-wave velocities are observed beneath the recently constructed WVR (Fig. 14,  solid black line) , while the highest P-wave velocities are observed beneath the median valley on the western side of the central volcano (Fig. 14, dashed dotted black line) . Within the central volcano but away from the WVR, the velocities follow an intermediate trend lying between the two endmembers (Fig. 14, dashed black line) . It is widely accepted that velocity changes within Layer 2A are caused by changes in porosities (Becker et al. 1982; Carlson & Herrick 1990; Jacobson 1992) . The velocity variations observed along seismic line 39 are consistent with the idea that hydrothermal mineralization seals the inherent small-scale porosity of the upper oceanic crust with age. However, the velocity increase is not uniform, being much greater within the upper part of Layer 2A, top ∼300 m, than at depth within the transition zone, and indeed velocities at the base of Layer 2A appear anchored around 4.8 km s −1 . This behaviour would be consistent with hydrothermal mineralization preferentially sealing thin cracks within upper part of Layer 2A producing a large velocity increase (Wilkens et al. 1991) . There is evidence that the velocity increase just below the seafloor, top 50-100 m, lags behind the one at depth, perhaps indicating a hydrothermal front progressing upwards through Layer 2A (Peterson et al. 1986 ). On these timescales, hydrothermal mineralization appears to be a secondary process that can explain the increase in upper crustal velocity with age but is not responsible for the high-velocity gradient at the base of Layer 2A.
At Lucky Strike, our results provide new evidence that an alteration front cannot be the sole cause of the velocity transition at the base of Layer 2A. In order to investigate further the nature of Layer 2A transition, we analysed the velocities at locations straddling two major fault zones (see RTM image, Fig. 12 ; regions bracketed by pink lines on Fig. 14a ). At both, the top of the high gradient zone starts only 200 m bsf and the base of Layer 2A is anomalously shallow lying only 0.4-0.5 km bsf, Fig. 14(b) . In addition, this pull up of the high gradient zone is abrupt at the fault zone, for example, Fig. 14b) , and that the base of Layer 2A can be treated as a lithological boundary to infer fault offsets, even if the nature of the boundary is unresolved. Therefore, the nature of this lithological boundary is still open to debate. The Layer 2A high-velocity gradient zone could correspond to the upper part of the sheeted dyke transition rather than the whole transition region. If so the upper part of 2A would be almost exclusively pillow lavas, alternatively the Layer 2A transition could just span the interval of the first appearance of dykes and not the whole dyke transition (Karson et al. 2002) .
We estimated the porosity in Layer 2A from its seismic velocity structure using a differential effective medium theory (DEMT; Berryman 1995; Taylor & Singh 2002; Fig. 15) . A two-phase effective medium consisting of basalt and sea water was assumed (Seher et al. 2010b; Arnulf et al. 2011) . Subsurface porosities were computed as function of velocities for different vertically aligned crack distributions. Cracks at mid-ocean ridges include region between individual lava flows, pore spaces within pillows, space between sheeted dykes, cooling cracks within individual sequences, faults and microcracks (Moos & Marion 1994; Collier & Singh 1998) . Using 1-D FWI from data from southern East Pacific Rise, Collier & Singh (1998) have shown that porosity at the base of Layer 2A is ∼6 per cent. Our results show that the presence of exclusively spherical inclusions (aspect ratio 1, Fig. 15e ) requires unrealistically high porosity (>50 per cent) in the whole Layer 2A. Cracks with aspect ratios of 5-10 better explain the observed velocities but still have some unrealistically high porosities either in the upper 300-400 m of crust or at the base of Layer 2A (Figs 15c and  d) . Cracks with aspect ratio >20 (Figs 15a and b) give a porosity of ∼5 per cent at the base of Layer 2A, consistent with previous estimates (Collier & Singh 1998) . The maximum porosity within the young constructional WVR is between 30 and 35 per cent, while typical porosity in the upper 200-300 m is around 10-20 per cent, consistent with upper-crustal porosity measurements from onbottom gravimeters (25-30 per cent; Cochran et al. 1999; Gilbert & Johnson 1999; Gilbert et al. 2007) . A small amount of porosity, mainly due to cracks with aspect ratios >20, is thus sufficient to explain the velocities observed across the Lucky Strike volcano. Other models, which consider a mixture of cracks, have further shown that much of the increase in velocity seen in upper levels of the oceanic crust is likely controlled by the sealing of thin cracks with aspects ratios >100 (Wilkens et al. 1991) . Although a significant portion of this porosity may be explained by magmatic processes (boundaries between individual lava flows and pillows and their broken fragments, boundaries between the sheeted dykes, cooling cracks within individual sequences), a part of porosity is likely attributable to tectonic extension (faults, fissures). Fig. 16 shows the velocity models along lines 14, 24 and 39 plotted in terms of depth below the seafloor, highlighting a number of different features. Young constructional features such as the southern summital volcanic edifice on line 14 (Fig. 16a) or the WVR on line 39 (Fig. 16c) show up as notable depressions in the velocity with deep roots, suggestive of constructional origin. The ER along line 39 also seems to be constructional in origin but has higher velocity and is thus likely a relatively older feature (Fig. 16c) . In contrast to the southern cone, the northwestern and northeastern volcanic cones (Fig. 16b) seem to be considerably older features. Unusually low velocities (<2.5 km s −1 ) are observed at 400-450 m beneath the southern summital volcanic cone and the WVR, suggesting that constructional features can support a thick pile of high-porosity extrusives without collapsing. However, pore closure due to overburden pressure is one of the various suggestions for the cause of high-velocity gradient at the base of Layer 2A. So, while in general there is pore closure with depth, velocity contours are not horizontal with respect to the seafloor, and thus the lateral variations in velocity must have another cause. As discussed previously, the most obvious signature of crustal aging are the lateral increase of velocity in the upper crust. Along the seismic lines 14 and 39 (see Fig. 16 ) velocities in the upper part of Layer 2A above 450 m increase rapidly from 2.5 km s −1 beneath the young constructional seamounts to 3.5 km s −1 within the median valley, suggesting hydrothermal filling of pore spaces with alteration products. Moreover, velocities in the upper crust along lines 24 and 39 are globally faster than those along line 14 on the southern half of the Lucky Strike volcano, Fig. 16(d) . This observation could signify either an enhanced magma supply within the southern half of the Lucky Strike volcano, different types of lava units or a more intense hydrothermal circulation within the northern part of the Lucky Strike volcano, accompanied by enhanced hydrothermal mineralization. These inferences accord well with quantitative seafloor observations over the Lucky Strike segment, which indicate that the volcanic terrains to the south of the central volcano were erupted and subsequently faulted more recently (Le Saout et al. 2011) . While the southern half of the Lucky Strike volcano was shown to be more magmatic, its northern counterpart is clearly more tectonized, which would favour hydrothermal mineralization. In other words, hydrothermal circulation might cause the upper crust to age faster within the northern part of the Lucky Strike volcano than in its southern counterpart.
Across axis velocity variations at the centre of the Lucky Strike segment
CONCLUSION
We have presented three 2-D high-resolution velocity profiles of the upper crust beneath the Lucky Strike volcano using a new methodology that combines a downward extrapolation method and a 2-D elastic FWI procedure. We were able to clearly define two layers within Layer 2A, upper Layer 2A, mainly consisting of recent heterogeneous thin lava flows, and a homogeneous high-velocity gradient zone at the base of Layer 2A. These results helped us to understand the role of magmatic, tectonic and hydrothermal processes in defining the upper crustal structure of the Lucky Strike segment. We favour a model, where the base of Layer 2A is defined as a lithological boundary that can be offset by faulting. However, the nature of this lithological boundary is still open to debate, the Layer 2A high-velocity gradient zone could correspond to the upper part of the sheeted dyke transition rather than the whole transition region. We show that young volcanic cones can support a thick pile of high-porosity extrusive without collapsing, which suggest that pore closure due to overburden pressure with depth is not the cause for the high-velocity gradient at the base of Layer 2A. We demonstrate that hydrothermal sealing of small-scale porosity is a secondary process, which may explain the upper crustal velocity increase with age but in no instance is responsible for the highvelocity gradient layer present at the base of Layer 2A, in which little variations are noted across axis. Finally, we show that the main normal faults can fracture the entire lithologically defined Layer 2A.
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